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Key Points 

• The eastern Arabian Sea was largely an atmospheric carbon dioxide sink later to ~14 kyr.  

• ΔpCO2 was briefly in excess during the deglaciation. 

• Downcore salinity is significantly correlated to ΔpCO2. 

 

Abstract 

 [1] Here we present the first boron isotope-based pCO2
sw

 (pCO2 of seawater) reconstruction 

from the eastern Arabian Sea using the planktic foraminifera species Globigerinoides ruber. Our 

results from sediment core AAS9/21 show that pCO2
sw varied between ~160 to 300 µatm during the 

last 23 kyr. ΔpCO2, the sea-air pCO2 difference, is relatively small during the last glacial maximum 

and becomes more negative toward the Holocene, with the exception of a significant excess during 

the last deglaciation centred on the Bølling-Ållerød. Throughout the record ΔpCO2 is predominantly 

negative, probably as a result of enhanced biological productivity (and higher nutrient and carbon 

utilization) during the south-west (SW) monsoon. A reduction in ΔpCO2 during the last glacial 

maximum is therefore consistent with a reduction in the strength of this monsoon system.   
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Introduction: 

Antarctic ice-core records indicate that the concentration of atmospheric CO2 during the last 800,000 

years has fluctuated between 180 ppm and 280 ppm, in step with the waxing and waning of ice 

sheets [Petit et al., 1999]. Unravelling the causes for these observed cycles of atmospheric CO2 

requires an understanding of oceanic processes, since the ocean is the only reservoir capable of 

exchanging the necessarily large quantities of carbon on glacial-interglacial timescales [Sigman and 

Boyle, 2000]. Today, fluxes of CO2 from the oceans are roughly balanced between regions that act as 

a source of CO2 (most prominently the eastern equatorial Pacific and the north-western Arabian Sea, 

followed by the tropical Atlantic and Indian Oceans and the north-western subarctic Pacific) and 

those regions that act as CO2 sinks (mainly in the 40-60 degree belt of both hemispheres) [Takahashi 

et al., 2009, 2014]. These patterns are intimately linked to the delivery both of remineralised  organic 

matter to the ocean surface from the deep ocean at  sites of upwelling, and the degree to which these 

nutrients and carbon are utilized [Moore et al., 2013].  For instance, in areas where productivity is 

(micro)nutrient limited such as the eastern Equatorial Pacific (Fe-limited) [Moore et al., 2013], 

nutrients are underutilised and CO2 outgasses from the ocean to the atmosphere.  The patterns of 

CO2
sw, and more precisely, the ΔpCO2 (ΔpCO2 = pCO2

sw- pCO2
atm ; where pCO2

sw is seawater pCO2 

and pCO2
atm is the atmospheric pCO2) is therefore related to the nutrient budget, and significant 

changes in atmospheric CO2 can come about by altering the (micro)nutrient content of surface waters 

[e.g. Martin, 1990].  Consequently, such processes will leave tell-tale fingerprints on the 

concentration of CO2 in the surface waters.   

Reconstructing the ocean carbonate system in the past requires knowledge of any two of six 

carbonate system parameters (pH, CO2, [CO3
=], HCO3

-, Total Alkalinity-TA and Dissolved 

Inorganic Carbon-DIC).The boron isotopic (δ11B) composition of planktic foraminifera is now a 

well-established proxy of surface water pH [e.g. Hemming and Hanson, 1992; Sanyal et al., 2001; 

Palmer and Pearson, 2003; Foster, 2008; Henehan et al., 2013] and can be used in conjunction with 

other constraints to reconstruct the CO2 content of surface water in the past. 

The Arabian Sea is a unique region, with semi-annual reversal of surface water circulation between 

southwest (SW, summer) and northeast (NE, winter) monsoons [Wyrtki, 1973]. These seasonal 

reversals of winds over the Arabian Sea affect surface circulation, productivity, biogenic and 

lithogenic fluxes, CO2 uptake and the heat budget in the region. The eastern Arabian Sea (EAS) 

receives a large amount of rainfall during the SW monsoon season. Most of the SW monsoon 

precipitation on the Western Ghats drains into the EAS through numerous rivers and streams. 



Modern observations indicate that pCO2
sw

 in the Arabian Sea as a whole is in excess of that in the 

atmosphere, therefore acting as a significant source of carbon dioxide [Somasunder et al., 1990]. The 

EAS, however, displays a distinct seasonal variability with respect to surface pCO2
sw

 distribution and 

CO2 flux, with a positive sea-air flux observed during the SW monsoon [Sarma, 2003]. Low pCO2
sw

 

concentrations are observed along the west coast of India [Sarma et al., 2000], where Sarma et al. 

[2000] measured pCO2
sw

 concentrations as low as  ~299 µatm (SW monsoon, 1995) from the coastal 

waters at ~15°N, which was around 60 µatm lower than the contemporaneous atmosphere (~360 

ppm during 1995) [Keeling et al., 2009]. Such low CO2 concentrations in these coastal regions of the 

EAS are attributed to low DIC river water runoff during the SW monsoon, coupled with high surface 

productivity trigged by terrigenous nutrient input  [Sarma et al., 1998], as also seen in the Bay of 

Bengal [Kumar et al., 1996].  There is a significant correlation between salinity and ΔpCO2
sw  [data 

from Sarma et al., 2000] during the SW monsoon in the eastern Arabian Sea   (Fig. 1) which 

potentially offers a new approach to document the strength of the SW monsoon, given that we would 

expect a weaker SW monsoon to be associated with higher salinity, a reduced nutrient input to the 

coastal regions of the EAS and a reduction in the offset between atmospheric and surface water CO2. 

Here this approach is tested for the first time with a boron isotope-based pH and pCO2
sw 

reconstruction from the EAS over the last 23 kyrs.  

Methods:  

The sediment core AAS9/21 was collected from a water depth of 1807m (location: 14°30.539′N, 

72°39.118′E) and is situated below the present day Oxygen Minimum Zone (OMZ) (Fig. 1, Table 1). 

The age model was based on five AMS 14C dates [Govil and Naidu, 2010]. The sediment sample was 

wet sieved (150 µm sieve), dried and sieved again in a narrow size range of 300-355 µm. Samples of 

1–3 mg of foraminiferal carbonate (e.g. 170 tests of G. ruber, 300–355 μm, sensu stricto) [Wang, 

2000] were cleaned following standard cleaning techniques used for boron isotope analysis [see Rae 

et al., 2011]. Briefly, foraminifera were crushed between glass plates and clay removal was done 

following the method of Barker et al., [2003]. The reductive step was not carried out [see Yu et al., 

2007b] but organic material was oxidized using a 1% H2O2 solution (buffered with 0.1 M NH4OH). 

Samples were then treated with 0.0005 M HNO3 to remove any adsorbed contaminants, and 

dissolved in 100–300 μl of Teflon-distilled ~0.15 M HNO3. A small aliquot of this dissolved sample 

(~5% by volume) was taken and analyzed for trace metal composition  (including B, Ca, Mg, and Al) 

on a Thermo Scientific Element 2 ICP-MS following the approach detailed in Ni et al. [2007]. Here, 

these data are used to assess adequacy of clay removal and to generate down-core temperature 



estimates (using Mg/Ca). Long term precision for Mg/Ca is 3% (2σ) and that for B/Ca is 5% (2σ) 

based on repeat measurements of in-house consistency standards. The boron isotopic composition of 

the foraminifers was determined at the University of Southampton on a Thermo Scientific Neptune 

MC-ICPMS [see Foster, 2008 and Henehan et al., 2013]. External reproducibility of the MC-ICPMS 

δ11B data is determined from a relationship between the reproducibility of the Japanese Geological 

Survey Porites coral standard JCp and 11B signal intensity [as described in Henehan et al., 2013] and 

is typically <0.25‰ (at 95% confidence, 2σ) on  ~1 mg of foraminiferal CaCO3.   B/Ca was compared 

to the B/Ca data generated earlier from the same core [Naik and Naidu, 2014] and to the δ11B data. 

B/Ca data shows differences between the two sets, probably because the B/Ca data from Naik and 

Naidu, 2014, were measured on mixed morphotypes whereas in the present study we focused on the 

sensu stricto morphotype only. The B/Ca and δ11B do not correlate, which raise further doubts on 

B/Ca as a paleo-pH proxy (see supplementary data). 

The Mg/Ca ratios (Fig. 2b) were converted to SSTs using the equation SST = 

(1/0.09)*LN(Mg/Ca/0.38) [Anand et al., 2003]. This calibration equation provided temperature 

estimates (reconstructed value is 28.01°C) close to the modern values at core location (28°C) [Sarma 

et al., 2000]. Oxygen (δ18Oc) and carbon (δ13C) isotope values on the same samples were obtained 

from the dataset of Govil and Naidu [2010].  δ18Oc values were corrected for continental ice volume 

using the dataset of Waelbroeck et al. [2002]. The residual δ18O values thus obtained were then used 

to compute the oxygen isotopic composition of local seawater (δ18Ow) (Fig. 2c) using the Mg/Ca-

derived SST by applying the equation; δ18Ow = 0.27 + (( T – 17 + 4.59*δ18Oc)/4.59) [Erez and 

Luz,1983] for Globigerinoides sacculifer. Based on the uncertainty estimates of Mg/Ca analyses and 

δ18Oc, an overall uncertainty estimate (2σ) for δ18Ow is ±0.2‰.The δ18Ow values were then converted 

into salinity using the equation S = (δ18Osw + 15.2)/ 0.45 [Rostek et al., 1993]. The salinity 

reconstructed from core-tops using these calibrations gave values (reconstructed value is 35.7psu) 

close to modern measurements (35.7psu) [Sarma et al., 2000]. 

pH was calculated from boron isotope values using the species-specific calibration for G. ruber 

adapted to the 300-355 µm size fraction [Henehan et al., 2013] (see equations 1 & 2 ) with additional 

inputs of SST and salinity, as these parameters influence the boric acid dissociation constant pK*
B. 

pH log __________________1 

δ11Bborate = (δ11Bmeasured-8.7 ± 1.52)/(0.6 ± 0:09)_________________________________2 



However, the calculated pH is only weakly dependent on these environmental parameters (0.012 pH 

units/1°C; 0.003 pH units/psu). The pCO2 of seawater, pCO2
sw, was further calculated using pH, 

SST, salinity and TA (derived from salinity using the local modern day relationship between salinity 

and alkalinity from the GLODAP dataset) [Key et al., 2004]. We have used the R version 2.15.3 for 

these calculations (R Core Team, 2013). The constants used in the calculation of pCO2
sw were as 

follows: pK*B and KHSO4 from Dickson [1990], the relationship between total B in seawater and 

chlorinity by Lee et al. [2010], and K1 and K2 carbonate dissociation constants by Leuker et al. 

[2000]. pCO2
sw and propagated uncertainties were calculated using a Monte Carlo approach (n= 

10,000) with the following uncertainties considered for the input parameters (at 95% confidence): 

δ11B ± 0.25‰, Mg/Ca-temperature ±1°C, calculated salinity ±1 unit, TA ±50 μmol/kg. 

[8] Primary productivity in the region of the EAS where core AAS9/21 is located is highest in the 

SW monsoon (770 mgC m−2 d−1) followed by the winter (337–643 mgC m−2 d−1) and 

intermonsoon (193–199 mgC m−2 d−1) seasons [Bhattathiri et al., 1996]. Primary production is 

found to be the highest. During this period, planktic foraminifera production is also enhanced and so 

the flux of G. ruber to the sediment increases as a result of higher food availability [Curry et al., 

1992]. Consequently, we envisage that any proxy signals reconstructed from G. ruber from AAS9/21 

will be biased towards the SW monsoon (June to September). Indeed, such a seasonal bias for G. 

ruber is evident from other studies further south of the present core location [Kessarkar et al., 2013]. 

Results and Discussion: 

The boron isotopic composition of G. ruber at AAS9/21 shows average values of 21.9 ‰ during the 

glacial, and 21.4 ‰ during the early Holocene. However, this decreasing trend is interrupted by 

lower values of 21.2 ‰ during the deglaciation (Fig. 2a). There is an increase in SST of 1.8°C and a 

decrease in salinity of 0.6psu from the glacial to Holocene (Fig. 2b and 2c).  Reconstructed pH 

averages 8.32 during the glacial, 8.23 during the deglaciation and 8.24 units during the early 

Holocene (Fig. 2d). The Last Glacial Maximum (LGM)-early Holocene pH change is ~0.1 units and 

is comparable to other pH records from the Atlantic, Pacific and Indian oceans [Yu et al., 2007a; 

Foster, 2008; Palmer et al., 2010; Henehan et al., 2013]. Similarly, pCO2
sw shows about an 80 µatm 

increase shift from the LGM to the early Holocene (Fig. 2e). pCO2
sw values from core AAS9/21 are 

low relative to reconstructed pCO2
sw from equatorial Atlantic and Pacific, Caribbean Sea or the 

western Arabian Sea [Palmer and Pearson, 2003; Foster, 2008; Palmer et al., 2010; Henehan et al., 

2013] and tend to be lower than contemporaneous atmospheric CO2 [e.g. Monnin et al., 2001] (Fig. 

2e). Deviating from these overall trends however is a large excursion in pCO2
sw

 to values of ~300 



µatm during the late Heinrich Stadial 1- Bølling Ållerød (HS1-BA). Correspondingly during this 

period, SST, salinity and pH remain low.   

To identify the source/sink nature of the EAS with respect to CO2, we have calculated the difference 

in pCO2 obtained from AAS9/21 (pCO2
sw) and the contemporaneous ice-core CO2 (pCO2

atm) record 

over time [Monnin et al., 2001, Lemieux-Dudon et al., 2010, Schmitt et al., 2012], termed the 

ΔpCO2: ΔpCO2 = pCO2
sw

 - pCO2
atm (Fig.2f). The ΔpCO2 values exhibit a trend towards more 

negative values through the record, except for a brief ~60 µatm excursion during the HS1-BA to 

more positive values (Fig. 2f). The lowest ΔpCO2 value of -87+/- xx µatm was recorded at 3.67 kyr, 

which agrees well with modern observations in the region during the SW monsoon season (ΔpCO2 = 

-61 µatm) [Sarma et al., 2000; Keeling et al., 2009]. 

The variations in the strength of the monsoon are thought to be associated with fluctuations in solar 

insolation [Clemens et al., 1991]. The SW monsoon is known to have weakened during the LGM 

[Prell et al., 1980; Sirocko et al., 1993; Naidu and Malmgren, 1996; Kudrass et al., 2001; Anand et 

al., 2008; Govil and Naidu, 2010, 2011] with a major intensification of the SW monsoon at the onset 

of the BA period.  On the whole, the SW monsoon was strong through the Holocene with the 

exception of minor interruptions [Thamban et al., 2001; Anand et al., 2008; Govil and Naidu, 2011; 

Kessarkar et al., 2013].  The resolution of our record is too low to fully resolve abrupt monsoonal 

variations thought to have occurred at the end of YD and during the Holocene [Kessarkar et al., 

2013], but is high enough to resolve the gross glacial-interglacial trends. As discussed earlier, a 

weaker SW monsoon is today associated with a reduced runoff and hence reduced nutrient input, and 

a decrease in the offset between atmospheric and surface water CO2. In this context, the decreasing 

trend we observe in ΔpCO2 through the 23 kyr record could imply an increasing SW monsoon 

strength. Less negative ΔpCO2 values observed during LGM may be related to a weak SW monsoon 

(Fig. 2g). An exception to this trend is the more positive ΔpCO2 during the HS1-BA period, which 

likely does not result from an increase in monsoonal strength as discussed further below. The 

negative ΔpCO2 values observed during the Holocene agree with the strengthening of the SW 

monsoon seen in other records (Fig. 2g) [Thamban et al., 2001; Anand et al., 2008; Kessarkar et al., 

2013]. As observed for the modern data (See Fig. 1c), we find that ΔpCO2 derived from the 

downcore data is significantly correlated with reconstructed salinity (r2 = 0.69; n = 15; Fig. 3) with 

the exception of positive ΔpCO2 values during HS1-BA.  However the slope for the spatial and 

temporal correlations are different, probably because of local variations in evaporation and 

temperature [Deshpande et al., 2013].  Similar correlations between ΔpCO2 and salinity suggests that 

similar processes operate during the present and the 23 kyr period. The positive correlation between 



ΔpCO2 and salinity supports the role of monsoon in controlling surface water pCO2. Our new ΔpCO2 

record therefore agrees well with the established evolution of the SW monsoon [see Saraswat et al., 

2013 for a review], with lower values during the glacial suggesting reduced SW monsoon strength 

and higher values during the Holocene suggesting increased SW monsoon strength. . 

During the Bølling-Ållerød, between 14.2 and14.4 kyr, the highest pCO2
sw and lowest SSTs are 

observed in AAS9/21 record. With the exception of these two points, SST is positively correlated to 

pCO2
sw

 (r2 = 0.8; n = 15) which mainly suggests that no significant upwelling occurred in this region 

over the last 23 kyr, other than during the B-A interval. A pCO2
sw

 peak at a similar timing is also 

observed in the equatorial Pacific [Palmer and Pearson, 2003; Kubota et al., 2014] (Fig. 4a). 

Furthermore, the G. ruber δ13C record at AAS9/21 exhibits a broad deglacial excursion to low δ13C 

(~0.4‰ lower) centred around the B-A interval (Fig. 4b). Such δ13C excursions to lower values have 

been observed globally in planktic and intermediate depth benthic foraminifera during the 

deglaciation, and are thought to be indicative of the upwelling of a nutrient-enriched water mass of 

Southern Ocean origin, following renewed upwelling in that region earlier in the deglacial [See 

Spero and Lea, 2002 and references therein; Anderson et al., 2009]. The drop in δ13C and outgassing 

during the deglaciation indicates a more direct connection between the core site and the sites of 

upwelling in the Eastern Arabian Sea.  This could be due to an enhancement of upwelling as a result 

of an intensification of SW monsoon during the B-A, or a change in the composition of upwelled 

water that is retained by the time surface water is advected/mixed to our study site. This study 

therefore adds to the growing body of evidence that this was possibly a global feature of surface 

waters during the last deglaciation.   

Conclusions: 

Our new boron isotope-based pCO2
sw reconstruction reveals that the Eastern Arabian Sea was a weak 

sink of atmospheric CO2 during the LGM and its strength as a sink increased after ~14 kyr. The 

present day positive correlation between ΔpCO2 and salinity, observed during the SW monsoon 

appears to be valid for the last 23 kyr period. Hence the decreasing ΔpCO2 trend through the last 23 

kyr is interpreted as an overall increase in SW monsoon strength through the LGM and the 

Holocene. This interpretation agrees well with previous independent studies [Thamban et al., 2001; 

Anand et al., 2008; Kessarkar et al., 2013] and therefore adds a new method capable of tracing 

monsoon strength in the Indian Ocean in the geological past.   
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Tables: 

Table 1: Down core data for Core AAS9/21. 

Age 
Mg/Ca 
(mmol
/mol) 

Reconst
ructed 
Temp 
(°C) 

δ18O 
(‰) 
Govil 
and 
Naidu, 
2010 

Reconst
ructed 
Salinity 
(psu) 

Alkali
nity 
(µmol/
kg) 

δ11B 
borate 

(‰) 
pKB

* pH 
pCO2 
sw 
(µatm) 

pCO2 
atm 
(µatm) 

ΔpCO
2 

3.7 4.73 28.01 -2.32 34.52 2336 21.5 8.56 8.29 186.3 272.5 -86.2 
6.3 5.13 28.93 -2.21 35.15 2336 20.7 8.55 8.22 233.6 261.2 -27.6 
7.4 4.89 28.39 -2.00 35.30 2339 20.8 8.55 8.23 224.0 260.4 -36.3 
8.5 5.02 28.67 -1.76 35.85 2343 20.4 8.55 8.20 254.9 259.6 -4.7 
8.9 4.74 28.04 -1.84 35.22 2345 20.9 8.56 8.24 219.0 261.2 -42.1 
11.2 4.91 28.44 -1.75 35.13 2359 20.8 8.55 8.24 222.9 264.1 -41.2 
12.2 4.42 27.27 -1.58 34.65 2366 21.0 8.56 8.27 202.3 246.5 -44.2 
13.3 4.60 27.71 -1.08 35.68 2373 20.9 8.56 8.25 218.7 237.5 -18.8 
14.2 4.07 26.34 -1.09 34.77 2379 19.2 8.57 8.14 297.9 238.6 59.3 
14.4 4.51 27.48 -0.90 35.69 2381 19.6 8.56 8.15 292.5 239.1 53.4 
15.2 5.02 28.68 -0.76 36.41 2386 20.9 8.55 8.24 227.3 225.6 1.6 
17.2 3.97 26.07 -0.50 35.50 2396 21.7 8.58 8.32 172.7 192.6 -20.0 
19.2 4.51 27.48 -0.29 36.52 2402 21.4 8.56 8.28 198.2 189.3 8.9 
20.3 3.99 26.13 -0.85 34.61 2403 22.0 8.57 8.35 156.5 186.8 -30.4 
21.3 3.80 25.58 -0.32 35.55 2403 22.0 8.58 8.35 160.6 186.0 -25.3 
22.4 4.48 27.42 -0.44 36.21 2402 21.6 8.56 8.30 188.4 192.7 -4.3 
23.4 4.31 26.89 -0.91 36.60 2400 21.7 8.56 8.31 183.0 190.9 -7.9 

  

 

 

 

 

 

 

 

 

 



 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

Fig. 1. a) plot of salinity and b) ΔpCO2, measured during July-August 1995 (south-west monsoon) 
[Sarma et al., 2000]. ΔpCO2 was calculated from pCO2 and the annual average atmospheric pCO2 

during 1995 [Keeling et al., 2009]. The station locations are shown in the inset picture. The AAS9/21 
core is shown as a thick circle and is located in a region of negative ΔpCO2, i.e. atmospheric CO2 
drawdown, c) crossplot between ΔpCO2 versus measured salinity showing a significant positive 
correlation.  



 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

Fig. 2. Eastern Arabian Sea (EAS) sediment core AAS9/21; a) G. ruber δ11B (‰). Error bars display 
2sd error of ~ ±0.2‰, b) Mg/Ca from Globigerinoides ruber and Mg/Ca derived Sea Surface 
Temperature (SST; °C) using the G. ruber 250-350 μm, equation from Anand et al. [2003]. Error 
bars display 2sd error of ~ ±0.3°C on SST c) The δ18Ow derived from  δ18Oc of  G. ruber after 
correction for ice volume [Waelbroeck et al., 2002], and δ18Ow calculated using the G. sacculifer 
equation by Erez and Luz [1983],  Salinity (psu) was reconstructed using δ18Ow using the equation by 
Rostek et al. [1993]. The uncertainty calculated on salinity is ~ ±0.44 psu, d) pH reconstructed using 
equations by Zeebe and Wolf-Gladrow [2001], SST and salinity (see text for details). The uncertainty 
calculated on pH is approximately ~ ±0.02 units, e) pCO2 calculated using pH, SST, salinity and 
alkalinity (see text for details). The average uncertainty on pCO2 is ~ ±20 µatm. A prominent pCO2 
peak is seen during late Heinrich Stadial 1- Bølling Ållerød (HS1-BA). CO2 record from Dome C 
(grey dots) is plotted for comparison [Monnin et al., 2001, Lemieux-Dudon et al., 2010, Schmitt et 
al., 2012], f) ΔpCO2, calculated as the difference between pCO2 of seawater (as shown above) and 
CO2 from Dome Concordia ice core, Antarctica. The open green circle denotes the modern ΔpCO2 
values and, g) eastern Arabian Sea proxy records depicting SW monsoon strength shown as δ18O 
(‰) of Globigerionides ruber [blue curve with stars, Thamban et al., 2001; blue curve with open 
circles, Kessarkar et al., 2013], δ18Ow Ice Volume Free  (‰) [Anand et al., 2008]. The direction of 
blue arrows represents an increase in SW monsoon strength on all panels. YD =Younger Dryas, BA= 
Bølling Ållerød, and HS1 = Heinrich Stadial 1. Dots marked along the y-axis denote modern values 
of the respective parameters at the core location. The arrow marked on panel (d) shows the range of 
pre-industrial pH at core location.  The 14C dates on the core are indicated by black arrows on the 
bottom axis, 



 

 

 

 

 

 

 

 

 

 

 

Fig. 3. Crossplot between ΔpCO2 and salinity shows significant positive correlation suggesting the 
role of monsoon in controlling surface water pCO2. The high ΔpCO2 during HS1-BA, represented by 
filled circles are not included in the correlation. 

 

 

 

 

 

 

 

 

 

 

 

 

 



 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

Fig. 4. pCO2 record from AAS9/21 (thick line) compared to the pCO2 record from the western 
equatorial Pacific Core ERDC-92 (dotted line) [Palmer and Pearson, 2003] and pCO2 derived from 
Tahitian corals (open circles) [Kubota et al., 2014], and b) δ13C (‰) of G. ruber from Core 
AAS9/21. 


