
Chapter 3

Data and Methods

3.1 JGOFS moored-array observations

During the US JGOFS programme, a year-long, high-frequency, concurrent time-series of the

surface forcing fluxes and of the upper ocean response were measured in the central Arabian Sea at

(61.5oE, 15.5oN) using an array of moorings (starting from mid-October 1994) (see Fig. 1.3). The

surface fluxes include the fluxes of heat (i.e., solar short-wave radiation, net long-wave radiation,

turbulent latent and sensible heat fluxes), momentum (wind stress), and fresh water (evaporation

and precipitation rates). The data of oceanic response include temperature, salinity, horizontal

current, and chlorophyll-concentration profiles. All these data were measured over one year with

a 7.5 minute resolution (with 2 day-gap during 20–21 April 1995). This time-series data set has

been used extensively in this study. In particular, the time-series provides a unique opportunity to

force a numerical model with an accurate estimate of local air-sea fluxes.

3.1.1 Air-sea fluxes

These data were published by Weller et al. [2] and are shown in Figs. 3.1 and 3.2. These fluxes

are dominated by the monsoonal cycle. During the NE monsoon, when the wind is moderate, the

ocean loses on average 20 W m-2 to the atmosphere owing to high evaporation and reduced solar

radiation. During the SW Monsoon, strong winds prevail, but the ocean gains an average of 90

W m-2 through its surface owing to reduced losses through long-wave radiation and evaporation.

The net heat gain at the surface during the beginning of this period (June and July) is significantly

less than the average value (approximately half). This is due to the reduction of the solar input

in response to the increase in cloud cover and latent heat flux. During the inter monsoons (IMs),

the winds are weak and the ocean gains on average 100 W m-2 through its surface owing to the
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increase in solar radiation and decrease in latent heat flux. Except during the NE monsoon, the

ocean gains heat at its surface. The net flux over the studied year is +2.01 × 109 J m-2. The

fresh-water flux is mostly dominated by evaporation throughout the year. According to Weller et

al. [3], the nature of these surface fluxes is mostly similar to the climatological features.

Figure 3.1: Observed wind stress, net heat flux, and fresh water flux (evaporation minus precipita-
tion) at the ocean surface estimated from the meteorological measurements at the central mooring.
All data are daily averages. The heat fluxes are positive towards the ocean and are negative away
from it.
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Figure 3.2: (A) Net short-wave, (B) net long-wave, (C) turbulent fluxes of latent heat, and (D) tur-
bulent fluxes of sensible heat. observed at the moored array. The sum of these fluxes is presented
in Figure 3.1B. All data are daily averages.

3.1.2 Thermal structure

The time-series of upper ocean (0–250 m) temperature in the central Arabian Sea 61.5oE, 15.5oN)

from October 1994 to October 1995 (Weller et al. [3]) is presented in Fig. 3.3a-b. For the purpose

of comparison with the model prediction in the next chapter, the main features in the observed

temperature are briefly recalled here. The near surface layer (0–50 m) exhibits a biannual cycle

associated with the monsoons. During the NE monsoon (November 1994 to January 1995), the

SST decreases from 28.3◦C to 24.9◦C. During the following Spring Inter Monsoon (IM), it in-

creases by 6.4◦C up to a maximum of 31◦C at the end of May, and then drops by 5.5◦C during the

SW monsoon to 24.5◦C in mid-August. The annual cycle ends with a warming during the Autumn

IM. The evolution of the mixed layer depth (MLD), defined here as the depth at which temperature

is 0.1◦C less than SST; this definition was also used by Weller et al. [3] and Fischer et al. [4]. The
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mixed layer (ML) is very shallow (less than 20 m) at the beginning of the study period and reaches

100 m at the end of the NE monsoon. This deepening, however, is not continuous, with a marked

meso-scale feature occurring in November and then in late January (with a time-scale of a few

days). In February, the ML quickly shoals back to less than 20 m and remains shallow until the

beginning of the SW monsoon, when it deepens again to 75 m at the end of July. Apart from a

meso-scale variation at the end of August, the ML shoals during the next inter-monsoon. Regard-

ing the sub-surface layer, the thermocline (defined here as the depth of 22◦C isotherm) varies like

the ML until the end of December 1994, then remains flat and deep (around 120 m) thereafter until

mid-July 1995, when it undergoes a steep shoaling to fluctuate around 80 m until the end of the

study period. The annual mean temperature of the ML is 27.21◦C and it is 21.03◦C for the 0–250

m layer.

When looking at the trend in observed temperature (see Fig. 3.3c), it appears that the fastest

and strongest cooling and warming events occurred below the mixed layer in November and De-

cember (beginning of the NE monsoon) and again in late July (after the peak of the SW monsoon).

These events corresponded also to the strongest currents (Fischer et al. [4]) and the largest excur-

sions of the thermocline.

A comparison with the Levitus [29] temperature climatology (see Fig. 3.4a-c) shows that

the 1994–1995 time-series is characterized by a strong cooling (3–4◦C) in the sub-surface layers

during the early NE monsoon and during the late SW monsoon (August). During the rest of

the year, the sub-surface temperature does not differ significantly (1–2◦C) from the climatology.

Regarding the near surface layer, the difference never exceeds 1◦C throughout the year. The

difference between the MLD during 1994–1995 and the climatological MLD is less than 10 m,

except during NE monsoon, when the 1994–1995 MLD is deeper (~50 m) than the climatology

(Fig. 3.4b). As regards the temperature trend, the near surface layer (upper 50 m) trends are

mostly similar, but the 1994–1995 data exhibit larger and intense variability in the sub-surface

layers (Fig. 3.4d). sub-surface warming trends during December and sub-surface cooling trends

during July–August of the time-series are more intense (3 times) than in the climatology. The

early NE monsoon (November) sub-surface cooling trend of 1994–1995 time-series is not present

in the climatological data.
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Figure 3.3: A high-frequency, year-long (October 1994 to October 1995) time-series JGOFS
moored-array observations of upper ocean thermal structure in the central Arabian sea at (61.5oE,
15.5oN): (a) sea surface temperature (SST) evolution; (b) temperature profile evolution over 0–250
m depths and the daily mean mixed layer depth (MLD) (blue line); (c) evolution of the tempera-
ture trend (in heat units, W m-3; low pass filtered with a 10-day running mean) and the daily mean
mixed-layer depth (blue line).
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Figure 3.4: JGOFS year-long time series of upper ocean thermal structures compares with the
Levitus [29] climatology: (a) comparison between SSTs, (b) comparison between MLDs, (c) Dif-
ference between the 1994–1995 temperature profiles and temperature climatology, (d) evolution of
the trend of temperature climatology (in heat units, W m-3) and climatological mixed-layer depth
(blue line)

3.1.3 Horizontal current

The horizontal currents were measured on the central mooring at following depths: 5, 10, 15, 25,

35, 45, 55, 65, 80, 301.2, 492, and 749.5 m (Weller et al. [3], their Fig. 7). These values linearly

interpolated for 5, 50, 100, and 200 m are presented in Fig. 3.5. The currents are very strong

(almost ~80 cm s-1) during the first part of the NE monsoon and during the SW monsoon and

weak during rest of the year. In October and November 1994 and during the SW monsoon, the

currents are southeast-ward; during December and January, the currents are northwest-ward. The

currents decrease with increasing depth, but they are still significant at 200 m depth during the

monsoons. According to Weller et al. [3] and Fischer et al. [4], the observed currents in 1994–

1995 differed considerably from their climatological average in the region during the first part

of the NE monsoon (October–December 1994) and during the second part of the SW monsoon
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(late July to early September 1995). The strongest velocity signal in the upper ocean during both

these periods was the flow associated with a meso-scale geostrophic structure that passed slowly

through the observation area (Weller et al. [3], Fischer et al. [4]).

Figure 3.5: Year-long time-series of daily averaged observed horizontal velocity at (61.5oE,
15.5oN) in the central Arabian sea. Flow to the north is upward.

3.1.4 Salinity

The salinity data were measured on the central mooring and published by Weller et al. [3]. The

observed salinity structure for the upper 100 m exhibits an annual cycle (see Fig. 3.6). From the

beginning of the time-series (mid-October 1994) to the end of Spring IM (end of May 1995) the

surface salinity increases from 35.6 psu up to a maximum of 36.7 psu; then it decreases up to 35.5

psu at the end of the studied period (mid-October 1995). As regards the sub-surface layers (below

the ML), strong synoptic variability is exhibited between the MLD and the 200 m depth during

the NE monsoon (fresh incursions).
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Figure 3.6: Year-long time series of daily averaged sea surface salinity (a), and vertical profiles of
salinity (b), measured at the central mooring in the Arabian sea (Weller et al. [3]). The black line
corresponds to the MLD.

3.1.5 Chlorophyll

The phytoplankton chlorophyll concentration profile during October 1994 to October 1995 was

measured at the moored buoy location in the central Arabian Sea (Sigurdson et al. [86] & [87]) to-

gether with physical and meteorological data. The measurement was made at four depths (10, 35,

65, and 80 m) with fluorometers mounted on a mooring line. These measurements were suspected

for biofouling, and were corrected using the data obtained from associated cruises under the US

JGOFS programme (Dickey et al. [88]). The data are presented in Fig. 3.7. The chlorophyll (con-

centration) exhibits a very strong monsoonal cycle. Strong chlorophyll concentration (bloom) was

observed during December–January (NE monsoon) (2 mg m−3) and July–August (SW monsoon)

(1 mg m−3) at the surface. During the rest of the year, the surface chlorophyll concentration is

less than 0.3 mg m-3. The concentration decreases with depth. The data were used to examine the

biological heating impact on the upper ocean thermal structure in the central Arabian Sea (in the

auxiliary experiment in Appendix B.2).
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Figure 3.7: Vertical profile of observed Chlorophyll concentration measured at the central mooring
location (Dickey et al. [88]).

3.2 Methods

As described in the introduction (chapter 1) the main aim of the thesis is to simulate the upper-

ocean thermal structure in the central Arabian Sea in order to analyse the heat budget and to

perform process sensitivity experiments. A 1D-vertical mixed layer model is forced with atmo-

spheric fluxes and advection. Atmospheric forcing fluxes available from the in situ measurements

(Weller et al. [2]). Horizontal advection estimates are available from Fischer et al. [4], but, as we

shall show in section 3.2.5 we had to achieve an independent re-estimate. Estimation of vertical

velocity requires data of vertical velocity only as the model can predicts the vertical gradient of

temperature. The vertical velocity, as in all oceanography problem, poses a challenge. This leads

to two possible approaches. First, we can estimate the vertical velocity by some means (for exam-

ple, by attempting to close the heat budget, as done by Fischer et al. [4]), and use the estimated

vertical velocity to predict the temperature profile, which can be compared with the observation.

This is illustrated schematically in Fig. 3.8. The technique used to compute advection for this

approach are described in sections 3.10, 3.2.5 and 3.2.6. Second, we can use the observed tem-

perature profile to constrain the model and thereby estimate a resultant vertical velocity. This is

illustrated schematically in Fig. 3.9. The technique used to compute vertical advection using this

approach is described in section 3.2.6.2.
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Figure 3.8: Schematic showing an approach of implementing the model to predict the temperature
profile.
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Figure 3.9: Schematic showing an approach of implementing the model to predict the vertical
velocity.

3.2.1 Model

A mixed-layer thermo-dynamical model of the upper ocean, the main tool of this study, is de-

scribed here. The most generally used mixed-layer models are of two classes: Bulk (or integrated)

Models and Turbulent Closure (or differential) Models. The bulk models are simple and compu-

tationally efficient. They assume the existence of a completely well-mixed layer with negligible

vertical gradient (Kraus and Turner [80]; Denman and Miyake [81]; Price et al. [89]). The main

drawbacks of these bulk models are: (i) the physical (and biological) properties are usually dis-

continuous across the base of the mixed layer and a subsequent algorithm has to be used to smooth

the gradients, employing either a gradient Richardson number, as in Price et al. [89], or a vertical

diffusion coefficient based on property gradients, as in Gaspar [90]; (ii) due to their bulk nature,

the vertical structure of turbulence in the mixed layer cannot be known; and (iii) nothing can be

known below the mixed layer. In contrast, the turbulent closure models are more realistic, sophis-
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ticated, and provide better results for the entire water column at a fine resolution. These models

are more difficult to understand in an intuitive way than the bulk models. Insight can be gained by

comparing their behavior with that of the bulk models. The great advantage of using such models

is that the same turbulent parameterization scheme can be used for the entire water column from

the ocean surface to the abyss. Turbulent closure models are further classified into two groups

based on closure schemes: (i) the 2.5-level Mellor and Yamada (MY) closure scheme (Mellor and

Yamada [91]), and (ii) the one-equation Bougeault and Lacarrère (BL) closure scheme (Bougeault

and Lacarrère [92]). The BL closure scheme is much simpler than the MY closure scheme. The

specified turbulent length scales used in the BL closure scheme are simple and physically ap-

pealing (Gaspar et al. [93]). On the contrary, the prognostic equation for the master length scale

requires complicated MY closure assumptions in which one can not assert great confidence (Mel-

lor and Yamada [94]).

Previous work on the simulation of the diurnal temperature cycle within the scope of the Long-

Term Upper Ocean Study (LOTUS) in the Sargasso Sea and the seasonal cycle of temperature off

the Iberian coast, showed that two different models based on the BL closure scheme (Gaspar et

al. [93]) and on the quasi-equilibrium version of the MY closure scheme (Galperin et al. [95]),

respectively, produce similar results. Subsequent studies in the NW Mediterranean (Levy et al.

[96]), and in the Austral ocean (Pondaven et al. [97]) proved that the turbulent kinetic energy

(TKE) model of upper ocean (Gaspar et al. [93]) based on the BL closure scheme is able to

simulate properly the upper ocean processes in various situations. It is also worth noting that

the implementation of the BL closure scheme in the OPA (Ocean Parallelized) GCM (General

Circulation Model) significantly improved the mixed-layer physics and the thermocline structure

of the Equatorial Atlantic Ocean (Blanke and Delecluse [98]). Hence, we use the TKE model of

Gaspar et al. [93] to simulate the upper ocean mixed-layer processes in the central Arabian Sea.

3.2.1.1 Assumptions

The governing equations (in section 3.2.1.2) of the TKE model (Gaspar et al. [93]) relies on the

following assumptions:

1. Incompressibility: This approximation is valid when the time changes of parcel’s density

(ρ) are very small relative to the density, i.e.
1

ρ
dρ
dt

≈ 0 =
−→
∇.

−→
U . Hence the continuity

equation
1

ρ
dρ
dt

+
−→
∇.

−→
U = 0 is now reduced to

−→
∇.

−→
U = 0, where

−→
∇ is the gradient (vector)

operator, and
−→
U = (U, V,W ) is mean velocity (vector).
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2. Hydrostatic approximation: Pressure is the force per unit area acting on a fluid parcel. Pres-

sure at a point within a fluid at rest in a gravitational field is given by the weight of fluid

above the point per unit horizontal cross sectional area. Hence, the vertical pressure gradient

is equivalent to buoyancy. This situation constitutes the hydrostatic balance. Mathemati-

cally, the condition for hydrostatic balance can be written as dP
dz = −ρg, where P is the

pressure at any level, ρ the density, and g the accelation due to gravity. When the fluid is

in motion, vertical pressure gradients are also affected by vertical acceleration and friction.

However, for many geophysically relevant fluid motions, the dominant balance in the verti-

cal momentum equation remains the hydrostatic balance. The level to which the hydrostatic

balance remains dominant is directly proportional to the ratio of vertical (H) to horizontal

(L) length scales of motion.

3. Boussinesq approximation: The variations of fluid density are neglected insofar as they

influence the inertia; variation in the weight (or buoyancy) of the fluid may not be neglected.

4. The ocean is assumed to be horizontally homogeneous: Turbulent transfer of matter and

energy is effected almost entirely by fluctuating vertical velocity.

5. Turbulent closure hypothesis (also known as K-theory): It is assumed that small-scale hori-

zontal and vertical transports can be evaluated in terms of diffusion coefficients and deriva-

tives of the large-scale flow. As for example turbulent variation of heat flux along vertical

direction can be expressed as, −W ′T ′ = Kh
∂T

∂z
, where W ′and T ′are turbulent fluctuations

of vertical velocity and temperature respectively, T is the mean temperature of the water

parcel, and Khis a constant known as eddy diffusivity of heat. The overbar on the left hand

side represents the ensemble average of the turbulent fluctuation of that quantity.

6. Stable stratified layers: The water column is adjusted at each time step to satisfy both static

and dynamic stability criteria.

(a) Convective adjustment (static stability): Convective adjustment occurs when density pro-

file becomes gravitationally unstable, i.e. heavy water overlying lighter water. If the density

profile is found to be unstable, then heat is assumed to be mixed vigorously between levels

so that total heat is conserved and the local vertical gradient is at heat neutrally buoyant, i.e.
∂ρ

∂z
≥ 0,

(b) Shear flow adjustment (dynamic stability): Vertical mixing in the ocean is dominated

by the influence of the density gradients that limit vertical motions. The dynamic effect



3.2. Methods 37

of density gradient is contained in the parameter N =

(

−
g

ρ0

∂ρ

∂z

)1/2

, the Brunt-Väisäla

(buoyancy) frequency, which is the frequency with which a displaced element of fluid will

oscillate. The corresponding periods 2π/Nare typically a few minutes in the thermocline,

and up to many hours in the weakly stratified deep ocean.

In a shear flow, the kinetic energy associated with the vertical gradient of horizontal ve-

locity ∂U/∂z has a destabilizing effect, and the dimensionless ratio Rg = N2/

(
∂U

∂z

)2

=

−g∂ρ/∂z

ρ0

“

∂U/∂z
”

2 called the gradient Richardson number, gives a measure of the relative impor-

tance of the stabilizing buoyancy and destabilizing shear.

Of more direct physical significance is the Flux Richardson number, Rf , defined as the

ratio of the rate of removal of energy by buoyancy forces to its production by shear. It can

expressed as Rf =
gρ′w′

ρ0U ′W ′(∂U/∂z)
=

Kρ

Km
Rg, where Kρ and Kmare eddy diffusivities

of buoyancy and momentum respectively.

Dynamic stability is imposed in the present model by ensuring that the value of the flux

Richardson number Rf is always greater than or equal to 0. 23.

7. Wave-like dynamical effects such as gravitational, inertial, and Rossby waves are ignored.

3.2.1.2 Governing equations

Under the above approximations, the unidimensional forms of the balance equations for tempera-

ture, salt, and momentum (after the Reynolds decomposition for turbulent fluid flow) are:

∂T

∂t
=

Fsol

ρ0Cp

∂I

∂z
+

∂T ′W ′

∂z
, (3.1)

∂S

∂t
=

∂S′W ′

∂z
, (3.2)

∂UH

∂t
= −fk × UH −

∂U ′

HW
′

∂z
, (3.3)

where T , S, UH , and W are the mean temperature, salinity, horizontal velocity, and vertical

velocity of the water column respectively. Mean quantities are denoted as X and X ′ denotes

fluctuations around the mean. ρ0 and Cp are the reference density and specific heat of seawater,
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respectively. Fsol is the solar irradiance absorbed at the sea surface and I(z) is the fraction of Fsol

that penetrates to depth z; f is the coriolis parameter and k the vertical unit vector; z is positive

upward.

3.2.1.3 Surface boundary conditions

The turbulent fluxes of heat must balance the sum of latent, sensible, and long-wave radiative

heat fluxes. Similarly, the turbulent salt fluxes at the surface must balance the fresh-water fluxes

(evaporation and precipitation), and the turbulent momentum fluxes must balance the momentum

fluxes provided by the wind stress term.

−ρ0CpT ′w′(0) = Fnsol = H + LE + Fir, (3.4)

−ρ0S′w′(0) = E − P, (3.5)

−ρ0U ′

Hw′(0) = τ, (3.6)

where Fnsol stands for the sum of surface latent heat (LE), sensible heat fluxes (H), and long-

wave radiation (Fir). E and P are the evaporation and the precipitation rates, respectively, and τ

is the surface wind stress. Heat fluxes are positive downwards (opposite to z and W ).

3.2.1.4 Turbulent closure model

The vertical turbulent fluxes are parameterized using the classical concept of eddy diffusivity:

−T ′W ′ = Kh
∂T

∂z
, (3.7)

−S′W ′ = Ks
∂S

∂z
, (3.8)

−U ′

HW ′ = Km
∂UH

∂z
. (3.9)

Viscosity and diffusivities are related with length and velocity scales according to:

Km = cklke
1/2, Ks = Kh = Km/Prt, (3.10)

where ck is a constant, lk is the mixing length, and e is the turbulent kinetic energy (TKE)

defined by e = 0.5(U ′2
H + W ′2). Prt is the turbulent Prandtl number, assumed to be 1 (this choice
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is supported by some laboratory experiments and oceanic observations (Mellor and Yamada [94];

Gregg et al. [99]))

To close the system, TKE is determined from the balance equation

∂e

∂t
= −

∂

∂z

(

e′W ′ +
p′W ′

ρ0

)

︸ ︷︷ ︸

transport along z

− U ′

HW ′
∂UH

∂z
︸ ︷︷ ︸

production due to wind shear

+ b′W ′

︸︷︷︸

production due to buoyancy

− ε
︸︷︷︸

viscous dissipation

(3.11)

where p is the pressure, ε the dissipation rate of TKE, and b the buoyancy defined as b =

g[(ρ0 − ρ)/ρ0]; g is the acceleration due to gravity, and ρ is the density of sea water (computed

from the UNESCO formulation; see Appendix A).

The concept of eddy diffusivity is used again to parameterize the vertical flux of buoyancy and

of TKE:

−b′W ′ = Kρ
∂b

∂z
, (3.12)

−(e′W ′ +
p′W ′

ρ0

) = Ke
∂e

∂z
. (3.13)

For the diffusivity of density we have K = Km/Prt, and with the usual assumption Ke = Km.

The dissipation rate is parameterized as ε = cεe
3/2/lε, cε is a constant and lε the length scale for

dissipation.

3.2.1.5 Length scales

The major difficulties of the model are in parameterizing the turbulent viscosity based on velocity

and length scales and the determination of such scales, especially the length scale. In this model,

very simple definition of the length scales are used, avoiding a large number of coefficients. This

choice has proved to be reasonable (Bougeault and Lacarrére [92]; Gaspar et al. [93]). The mixing

length definitions are

lε = (luld)
1/2 , (3.14)

lk = min (luld) , (3.15)

where lk and lε being the length scales for mixing and dissipation, respectively, and lu (mixing
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length upward) and ld (mixing length downward) are computed according to Bougeault and André

[100].

g

ρ0

∫ z+lu

z
[ρ (z) − ρ

(
z′

)
]dz′ = e (z) ; (3.16)

g

ρ0

∫ z−ld

z
[ρ (z) − ρ

(
z′

)
]dz′ = e (z) . (3.17)

The values of z + lu and z − ld are naturally limited by the ocean surface and bottom. This

formula for primary scales allow for a stratified ocean. For a stratified fluid with constant density

gradient, the primary scales are

lu = ld = 21/2lb, (3.18)

where lb is the usual buoyancy length scale; lb = e1/2/N , where N is the Brunt-Väisälä

frequency (defined earlier in section 3.2.1.1). For the simple case of a homogeneous ML with a

strong density jump at its base, lu and ld are the distances from the particle to the surface and to

the base of the ML, respectively.

3.2.1.6 Parameterization of solar irradiance

In reality the solar irradiance within the ocean is a complex function of phytoplankton (chloro-

phyll) concentration, wavelength, and depth (see Appendix C). For general applications, the absorption-

law of solar irradiance I(z) can be parameterized according to the following double exponential

function (Paulson and Simpson [101]):

I(z) = R exp

(
z

ξ 1

)

+ (1 − R) exp

(
z

ξ 2

)

(3.19)

Here, subscripts 1 and 2 refer to the red and blue penetrating solar light and z is depth (positive

upward). In the above equation, R is dimensionless parameter, and ξ1, and ξ2 are attenuation

coefficients. ξ2 is dependent on phytoplankton concentration (biomass). In the absence of biomass

profile, sensitivity experiments can be carried out against various water types as proposed by

Jerlov [102] to select the constant parameters. The values of constant parameters used in above

equation for the various water types of Jerlov are presented in a Table 3.1. The classification of

water type of the world oceans is based on optical characteristics (turbidity).
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Table 3.1: Different water type based on Jerlov [102]. Water type ranges from clear to increasing

turbid water.

Type R ξ1 (m) ξ2(m)

(red) (blue)

I 0.58 0.35 23

IA 0.62 0.60 20

IB 0.67 1.0 17

II 0.77 1.5 14

III 0.78 1.4 7.9

3.2.1.7 Condition of diffusion below the mixed layer

To avoid unrealistically small diffusion and dissipation rates within the pycnocline, Gaspar et

al. [93] assumed a minimal value for TKE (emin). Empirically emin is set to 10−6m2 s-2. Gaspar

et al. [93] suggested that better results could probably be obtained by a emin parameterization that

accounts for internal wave activity and surface forcing. In the present study emin is assumed to be

constant and equal to 10−6m2 s-2.

3.2.2 Application of the model

3.2.2.1 Inclusion of advective terms

The governing equations of the model do not include the effect of vertical advection and horizontal

advection. As it is known that horizontal and vertical advections play an important role in the

upper ocean thermal structure of the Arabian Sea, their influences have to be incorporated in

the temperature equation. This is done by adding temperature advective terms in Eq. 3.1 (heat

balance).

∂T

∂t
=

Fsol

ρ0Cp

∂I

∂z
+

∂T ′W ′

∂z
− UH · ∇HT

︸ ︷︷ ︸

hor advection

− W
∂T

∂z
︸ ︷︷ ︸

ver advection

(3.20)

3.2.2.2 Numerical implementation

The model equations are discretized with a second-order finite difference scheme on a staggered

grid i.e., T , S, and UH are computed at the center of each grid cell and the turbulent fluxes and

TKE are estimated at the cell boundaries. The temporal scheme is a leapfrog scheme. Vertical

diffusion and vertical advection terms at the bottom-most layer of the ocean model (at 250 m)
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are estimated using an implicit backward scheme. The model is initialized with observed vertical

profiles of T , S, and UH . The TKE (e) profile is initialized as follows: e = 10−4m2 s-2 within

the mixed layer (ML) and e = emin below. The simulation is performed using a uniform vertical

resolution of 1 m from surface down to 250 m. The time step is 90 s; a year-long numerical

integration is carried out at the moored-buoy time-series observations starting from 20 October

1994.

The forcing fluxes at the surface are solar radiation, long-wave radiation, and turbulent fluxes

of heat, momentum, and freshwater. All these fluxes were estimated by Weller et al. [2] from the

surface meteorological measurements on the buoy moored at the study location (see section 3.1.1

for a description). As these estimates are not available for the break period of 2 days (i.e., 20–21

April 1995), the values for these two days were obtained from the nearest neighbour points. The

temporal resolution of the surface forcing fluxes is 7.5 minutes; the fluxes are linearly interpolated

on the model grid. The contribution of the horizontal advection and vertical advection to the

temperature structure has to be determined from external data source and will be prescribed in

the model at every time step. Two kinds of advective heat fluxes have been considered here: one

is based on Fischer et al. [4] and another is based on the present study estimates (see sections

3.2.3 and 3.2.6.2). The reason to considering two kinds of estimates has already been described

in the beginning of this section (Figs. 3.8 & 3.9). The temporal and spatial resolution of the

advective heat fluxes are larger than the model resolution, so the fluxes are interpolated to the

model resolution and prescribed into the model.

3.2.2.3 Choices of the model parameters

A number of parameters are involved in the model. The values assigned are presented in Table

3.2. The values of all the parameters are based on the published literature except for the three

parameters R, ξ1, and ξ2 used in the computation of solar irradiance I(z) at depth z. Model

sensitivity experiments are carried out against the various water types proposed by Jerlov [102] in

the present study to fix these parameters. It is found that type I (open ocean) water is the most

appropriate for the region (central Arabian Sea).

3.2.3 Fischer-based estimates of horizontal heat advection

Fischer et al. [4] estimated horizontal advective heat fluxes at the study location for the upper 125

m using the observed horizontal currents and the horizontal temperature gradient estimated from

1994–1995 moored-buoy time-series observations (see Fig. 1.3). The temporal resolution of the
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Table 3.2: The constant parameters and the assigned values used in the model are listed here.

Parameters Values Units Parameters Values units

ρ0 1025 kg m -3 ξ2 23 m

S0 35.5 psu Ck 0.1

T0 26 0C Cε 0.7

Cp 4000 J kg-1 /0C emin 1.0 × 10−4 m2 s-2

R 0.58 Prt 1

ξ1 0.38 m

estimate is four hours and the spatial resolution is 5 m. An advective forcing field A(z) for the

entire domain of simulation 250 m depth is derived from the Fischer et al. [4] estimates (AF ) as

follows:

A(z) =







AF for z ≤ 125 m

AF, z=125 ×
Uz

Uz=125
for z > 125 m

(3.21)

The above construction A(z) is exactly the same as the Fischer et al. [4] estimates for the

upper 125 m and the lower levels of the model domain are assigned values relative to 125 m based

on the following assumptions: (i) the advective transport of heat is proportional to the strength of

the current, and (ii) horizontal temperature gradient remains constant below 125 m. Justification

of assumption (i) is obvious and assumption (ii) is based on sensitivity experiments that will be

described in the next chapter. The estimated heat fluxes are presented in Fig. 3.10. As shown,

strong episodic warming and cooling events, with strength upto 80 W m-3, occurred during both

the monsoons in sub-surface layers (mostly within upper 80 m depths). These events are much

stronger than the warming and cooling trends present in the observed temperature field (upto 20 W

m-3) (see Fig. 3.3c), which is biased towards very small-scale (synoptic) variability. Furthermore,

this estimate is associated with large uncertainty (Fischer et al. [4]), and hence its role in the

simulated temperature may be suspected.
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Figure 3.10: Estimates of horizontal advective heat fluxes of heat at the mooring location (see
text). The data are smoothed with a 7-day running mean.

3.2.4 Fischer-based estimates of vertical heat advection

As seen from equation 3.20, estimates of vertical velocity (W ) and vertical temperature gradient

(∂T/∂z) are required to determine heat fluxes due to vertical advection. As the model itself

predicts the vertical temperature gradient, only the vertical velocity is required.

Fischer et al. [4] estimated vertical velocity at 125 m depth based on the heat budget equation

using the following two assumptions: (i) the vertical velocity varies linearly from 0 at the surface

to its predicted value at 125 m, and (ii) vertical diffusion does not play any role in the budget. The

equation they used to estimate the vertical velocity is:

ρ0Cp







∫
0

−h

∂T

∂t
dz +

∫
0

−h
(UH · ∇HT
︸ ︷︷ ︸

hor advection

)dz +

∫
0

−h
W

∂T

∂z
︸ ︷︷ ︸

ver advection

dz







= Q0, (3.22)

W = −W−h

(
−z

h

)

. (3.23)

By simplifying above two equations, one can get

W−h =
h

ρ0Cp

ρ0Cp

[∫
0

−h

∂T

∂t
dz +

∫
0

−h(UH · ∇HT )dz

]

− Q0

∫
0

−h z ∂T
∂z

dz
, (3.24)
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where Q0 is the net surface heat fluxes.

Using the above equation, they estimated the vertical velocity (Fig. 3.11). The estimated

vertical velocity is large and mostly negative and episodic (upto 18 m day-1). This method of

computation of the vertical velocity is suspected. In the presence of strong variation of horizontal

advective heat fluxes along the vertical, the linear assumption to estimating vertical velocity may

lead to unrealistic magnitude of the vertical velocity at any depth to compensate residual heat

originated from the previous (vertical) levels. Therefore, these estimates need to be examined. For

the use of these estimates in the model simulation, vertical profiles of the velocity are constructed

for 250 m using the same assumption as made by Fischer et al. [4] for the upper 125 m and using

the assumption that the vertical velocity linearly reduces to zero at 250 m.

Figure 3.11: Vertical velocity estimated by Fischer et al. [4] at the mooring by balancing the heat
budget of upper 125 m layer.

3.2.5 Present study estimates of horizontal advective heat advection: Reynolds–

based estimates

In order to asses the robustness of the role of horizontal advection, an alternative estimates of hor-

izontal advective heat fluxes is computed using the time-series of horizontal velocity measured on

the mooring from 0 to 250 m (Weller et al. [3]) and the horizontal temperature gradient estimated

from Reynolds SST data (spatial resolution 1o×1o ; Reynolds and Smith [103]). The gradient

is computed only at the surface and is assumed constant with depth. Among the various avail-

able optimally interpolated satellite data sets, the Reynolds product compares well with in situ

observations (see Fig. 3.12A) and proved reliable in determining the signals associated with low

frequency variability (Saji et al. [104]; Sreejith and Shenoi [105]). Although this estimate is based

on the same in situ current as used in the first estimates, it is mostly biased towards large variabil-
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ity because the temperature gradient is a 1o resolution. As shown in Fig. 3.12B, the SST gradient

is strong from January to March and from July to September 1995, and weak during the rest of

the year. The horizontal advection estimated is shown in Fig. 3.12. The strongest impacts on

the model temperature may be expected from cooling in October–November and in July–August

and from warming in December and September. During the inter-monsoon, from mid-January to

the end of May, the estimated horizontal advection of heat is weak. This estimate is associated

with almost relatively weaker signals of warming and cooling in the sub-surface layer and biased

towards large-scale variability.

Figure 3.12: (A) Optimally interpolated satellite SST (Reynolds and Smith [103]) and observed
SST (Weller et al. [2]) at the mooring location. (B) SST gradient (◦C/m) from the data of Reynolds
and Smith (1994). (C) Horizontal velocities measured at 5 m, 50 m, 100 m, and 200 m on the
mooring line. (D) Estimate of horizontal heat advection (W/m3).
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3.2.6 Present study estimates of vertical advective heat fluxes

As the model itself predict the vertical temperature gradient, only vertical velocity estimate (W )

is required to determine heat flux due to vertical advection. It is a major task in oceanography to

determine in situ vertical velocity in the ocean owing to its small magnitude (at most a few meters

per day). We present below several W estimates.

3.2.6.1 SODA-based estimate

Vertical velocity estimates exist for the global ocean from the output of Simple Ocean Data As-

similation (SODA) Ocean General Circulation Model (OGCM) (with spatial resolution 1o×1o in

the mid latitude and 1o×0.45o (longitude-latitude) in the tropics, and with one month temporal

resolution (Carton et al., [106] and [107])). The data are interpolated to the JGOFS mooring loca-

tion for the study period. As shown in Fig. 3.13, the vertical velocity exhibits a bimodal annual

pattern, with downwelling prevailing from October to December, upwelling prevailing from May

to July, and weak values in between. This pattern of vertical velocity matches the Ekman pumping

velocity at the location (see Fig. 3.14).

Figure 3.13: Contours of vertical velocity (cm/s) based on SODA OGCM.
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Figure 3.14: Ekman pumping vertical velocity at the moored-array location based on ECMWF
[108] winds.

3.2.6.2 Predicting vertical velocity from observed temperature profile

In situ measurements of vertical velocity are not available. All studies use indirect methods to

quantify the vertical velocity. Helber and Weisberg [109] estimated the vertical velocity for the

equatorial Pacific using the horizontal currents fields (measured by several moorings) through

the continuity equation. This method cannot be applied in the present study because of data con-

straints: though (horizontal) currents were measured on four mooring, these data are not accessible

to us. Friedrichs and Hofmann [110] measured the vertical velocity in the equatorial Pacific from

the vertical movement of isotherms based on the assumption of geostrophy (see Appendix B). The

method of estimating the local vertical velocity from the thermocline excursion is possible under

the constraint that horizontal advection does not play any role in excursion of thermocline. Hence,

it may not be correct.

Apart from the above estimates of local vertical velocity, the TKE model is used in this study

to estimate the vertical velocity (W ) at the study location. In principle, an ad-hoc W has to be

estimated to close the model heat budget everywhere below the mixed layer. For this, the model is

forced with local surface fluxes and estimates of horizontal advective heat fluxes at every time step

to simulate the temperature field of the water column (0–250 m). Estimation of vertical velocity

between ML and 250 m is carried out at every two hours interval (δt) as follows:

W (z) =

(
Tob(z) − Tp(z)

δt

)

/

(
∂Tob(z)

∂z

)

, (3.25)
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where Tp is the predicted temperature and Tob is the observed temperature profile specified in

the model after every δt time interval. After every two hours, the model is reinitialized with the

observed temperature profile Tob.

It is not possible to estimate vertical velocity within the ML because of very small vertical

temperature gradients. The vertical velocity for the whole domain (0–250 m) is constructed by

assuming 0 vertical velocity at the surface and by interpolating (linearly) the values between the

surface and one level below the ML. As this estimate is dependent on model simulation, it will be

described in the next chapter.


